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The word xenolith is Latin for strange (xeno) rock (lith). Mantle xenoliths are
egg-shaped rocks comprised of olivine (ol) and orthopyroxene (opx) ± clinopy-
roxene (cpx), spinel (sp) and garnet (gt), and other trace minerals. Xenoliths
are most frequently exhumed by explosive volcanoes. Worldwide, xenoliths
show variations in petrology (e.g. Mercier and Nicholas, 1974, Kopylova et al.,
2004), trace elements (Shaw et al., 2004) and P-T conditions (e.g. Macgregor,
1974, Nickel and Green, 1985, Finnerty and Boyd, 1987, Brey and Kohler, 1990).
Interpretation of the variations in xenoliths worldwide greatly enhancesour un-
derstanding of mantle processes.
Xenoliths from two different sites are considered in this thesis. The site con-
sidered in Chapter One, Jericho Pipe in Northern Canada, is the diatreme of
a diamondiferous kimberlite pipe containing mantle xenoliths from depths be-
tween ∼45-220 km (Kopylova et al., 2004). Chapter Two is a study of xenoliths
from Meerfelder Maar in the West Eifel Volcanic Field, Germany. Meerfelder
Maar is the remnant of a phreatic eruption triggered by the encounter of hot
magma with the water table that exhumed mantle xenoliths from ∼70-80 km
depth (Schmincke, 1983, Witt-Eichsceh, 2007).
Chapter One describes our Matlab model of the paleo-geotherm below the
North American Craton. We analyzed P-T data obtained using three geother-
mometers (Macgregor, 1974, Wells, 1977, Brey and Kohler, 1990) and three geo-
barometers (Nickel and Green, 1985, Finnerty and Boyd, 1987, Brey and Kohler,1990) on xenoliths from Jericho Pipe in the Slave Craton area of Canada to gen-
erate possible geotherms for the Jericho Pipe region. Our geophysical model
compares published heat ﬂux data and surface heat production values with
geothermobarometry conducted on Jericho xenoliths. Geothermometers and
geobarometers respectively are compared and analyzed for accuracy and preci-
sion relative to the petrology of the Jericho region.
Each geotherm shows a scatter in the data and change of slope of the best-ﬁt
line to the data between depths ∼160 km and ∼220 km (see Figures 1.7, 1.8,
1.11, 1.12, 1.15, 1.16). We hypothesize that this change of slope is resultant of
mantle plume impingement at the basal Canadian Shield prior to the eruption
of Jericho Pipe and other regional kimberlites. We use a Matlab-generated 1-
D thermal model based on code developed by Depine et al., (2008) to explore
this hypothesis. Implied in this hypothesis and seen in the model (see Figures
1.7, 1.8, 1.11, 1.12, 1.15, 1.16) is that continental cratons do not cause underly-
ing mantle to appreciably warm on a ∼200 Ma timescale by acting as effective
insulators for mantle material. Furthermore, the basal heating event must be
geologically short-lived, spanning ∼50 Myr (see Figures 1.7, 1.8, 1.11, 1.12, 1.15,
1.16).
Chapter Two is an empirical FTIR study of water content in Meerfelder Maar
xenoliths. The amount of water present in the mantle affects melt geochemistry
(e.g. Shaw et al., 2005, Bolfan-Casanova, 2007) and subsequently mantle viscos-
ity (Grant et al., 2007). Chapter Two considers water partitioning in the mantle
below the Eifel region of Germany by looking at maps of water concentration
within minerals and along grain boundaries as well as single spectra graphs ofH2O and OH− at speciﬁc points within minerals. Meerfelder Maar xenoliths
contain a high amount of molecular water in olivine and clinopyroxene and be-
low average amount of molecular water in orthopyroxene (see Table 2.2) with
respect to other xenoliths worldwide (Grant et al., 2007).BIOGRAPHICAL SKETCH
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xCHAPTER 1
COMPARISON OF GEOTHERMOBAROMETRY TECHNIQUES AND
MODELING OF JERICHO XENOLITHS
1.1 Introduction
Mantle geotherms represent temperature change with depth. The potential
temperature (TP) of the mantle is the temperature that mantle material at a
given depth would be were it to rise adiabatically to the sufrace. Reston and
Phipps Morgan, (2004) suggest that the asthenosphere below cratons typically
has a TP of ∼1100-1200 ◦C and that any higher TP, ∼1400-1600 ◦C is the result of
plume impingement at the base of the lithosphere (Reston and Phipps Morgan,
2004).
Standard techniques for pressure and temperature-dependent partitioning of
elements between coexisting mineral pairs within a xenolith sample allow us
to infer the pressure and temperature conditions at which a given xenolith was
last in equilibrium (e.g. Macgregor, 1973, Wells, 1977, Nickel and Green, 1985,
Finnerty and Boyd, 1989, Brey and Kohler, 1990). In this way, multiple xenolith
samples exhumed in a single kimberlite pipe can be used to provide a snapshot
of the continental geotherm at the time of the kimberlite eruption (e.g.
Kopylova et al., 1999).
Plots of Jericho Pipe xenoliths in P-T space show that there is an inﬂection
toward higher than predicted temperatures in xenoliths originating at depths
between 160-190 km (e.g. Kopylova et al. 1999, this study). This inﬂection, or
1change in slope of the geotherm at the aforementioned depths is sometimes
referred to as ”Boyd’s Geotherm” because Boyd, (1977) was the ﬁrst worker to
attribute geologic signiﬁcance to the change in gradient of the geotherm seen
in many areas worldwide. I hypothesize that these elevated basal temperatures
seen in xenoliths from 160-190 km record the passage of the North American
Craton over the Great Meteor Hotspot.
Here I assess three geothermometers and three geobarometers with respect to
the kimberlite geotherm of the Jericho Kimberlite Pipe in the Slave Craton. I
also compare the observed geotherm to the geotherm that would be predicted
from a simple model presuming the impingement of a hot mantle plume at the
base of colder cratonic lithosphere. I ﬁnd that I can reasonably model
geotherms consistent with both the measured surface heat ﬂux values and
measured surface heat production of the Jericho region as being caused by a
transient reheating event shortly (5-15 Ma) before the kimberlite eruption.
1.2 Kimberlite Pipe Background
1.2.1 Kimberlite Pipe Petrology
Kimberlite pipes are typically subdivided by petrology and geometry.
Kimberlite petrologies can be broken down into four classes, HFK (hypabyssal
facies kimberlite), DFK (diatreme facies kimberlite), CFK (crater facies
kimberlite) and TFK (transitional facies kimberlite) (Skinner and Marsh, 2003).
All descriptions of kimberlite petrology are based on work by Skinner and
2Marsh, 2003. Spatial association as per each petrology will be discussed in the
next section.
HFK magma is comprised of a uniform groundmass containing up to 50%
primary calcite and antigorite. Phenocrysts are both altered and unaltered
olivine. Xenoliths found within HFK are highly altered. While antigorite is the
weathering product of olivine, the olivine present in HFK magma does not
show indication of weathering to the extent necessary to produce the
proportional volume of antigorite found in HFK magma (Skinner and Marsh,
2003).
DFK magma is tuffaceous and contains ∼15% xenoliths. The matrix is
serpentine dominated with olivine phenocrysts, serpentinized olivine and
magmatic phenocrysts. Magmatic phenocrysts found within DFK consist of a
ﬁne-grained groundmass containing secondary calcite, secondary diopside
and serpentine, within which are found serpentinized olivine crystals, altered
monticellite, melilitite and phlogopite (Skinner and Marsh, 2003).
TFK magma was ﬁrst described by Skinner and Marsh (Skinner and Marsh,
2003). This magma combines features of both HFK and DFK. TFK deposits can
be up to tens of meters thick (spatial relations between HFK and DFK
occurrences will be described in the following section).
CFK magma is a highly variable type of kimberlite found in shallow craters
comprised of xenoliths from depths as shallow as tens of kilometers. This
facies, unlike the preceding three, shows distinct bedded layers containing ash
and lapilli. The matrix is predominantly serpentine with some secondary
3calcite, and all olivine phenocrysts are chemically altered. Magmaclasts when
found in CFK are smaller than 2 mm and any olivine found within them is
altered (Skinner and Marsh, 2003).
1.2.2 Kimberlite Pipe Geometries
Kimberlite pipe geometries have been categorized into three classes. Each of
the geometries corresponds to a speciﬁc eruption style as evidenced by the
differing petrologies (Skinner and Marsh, 2003). All kimberlite pipe petrologies
considered herein are based on descriptions by Skinner and Marsh, 2003. Class
1 pipes can be up to 3 km deep and are comprised of three distinct zones. The
uppermost zone is a crater up to 680 meters deep in which is found water-rich
CFK magma. The middle zone in a Class 1 kimberlite consists of a diatreme
dipping at ∼82◦ according to examples from South Africa (Skinner and Marsh,
2003). It is within this area that one ﬁnds DFK magma. The lowermost portion
of Class 1 pipes is comprised of an irregularly shaped root of HFK (Kopylova
et al., 1999). Class 2 kimberlites have only one zone, namely a round, shallow
crater less than 500 meters deep that is ﬁlled with CFK. DFK and HFK are
absent in this class of pipe. Class 3 kimberlites are those with steep sides
extending at least 500 meters deep that have been ﬁlled with volcaniclastic
(pyroclasts displaying mechanical alteration due to wind and water) material.
Class 3 pipes, like Class 2 pipes are devoid of DFK and any HFK magma found
in Class 3 pipes is found exclusively in the form of magmaclasts.
41.3 Geology of Jericho
1.3.1 Geologic Setting of Jericho
The Jericho pipe is located at 69◦59’55”N, 111◦28’45”W near the town of
Nunavut, Canada on the Slave Craton, which is part of the larger North
American Craton. Ages of pipes within Slave Craton kimberlite ﬁelds range
from 47 Ma to 450 Ma. The Jericho pipe itself has been dated at 173.1±1.3 Ma
by Rb-Sr and U-Pb dating (Heaman et al, 2006). Xenoliths found in the Jericho
and surrounding pipes indicate that there was once a turbidite sequence
stratigraphically above the presently exposed 2.6-2.7 Ga Archean plutonic
basement (Grifﬁn et al, 1999).
The North American Craton exhibits signiﬁcant lateral changes in surface heat
production due to variations in petrological heterogeneity (Grifﬁn et al., 1999),
crustal thickness (Nyblade, 1999, this study) and basal heat input (Mareschal et
al., 2004). The Slave Craton has the highest measured heat production of all the
sub-provinces that make up the larger North American Craton (Mareschal and
Jaupart, 2004).
The North American Craton passed over the Great Meteor hotspot circa 180 Ma
(Morgan, 1983, Heaman et al, 2003). Plate reconstruction using paleo-locations
of kimberlites indicates that the Great Meteor Hotspot passed beneath the
Slave Craton slightly east of where the Jericho pipe and other simultaneously
erupted kimberlites now lie (Morgan, 1983). It is however feasible that the
Jericho and neighboring pipes were resultant of basal heat ﬂux triggered by
5passage over the Great Meteor Hotspot between 150-200 Ma. Morgan, (1983)
calculated plate motions for the past 200 Myr using hotspots in two different
ways. One plate reconstruction assumes perfectly ﬁxed hot spots with plates
behaving rigidly and moving as such, while the other reconstruction allows for
hotspot wander to coincide with hotspot tracks (Morgan, 1983). Wander in the
hotspot tracks is up to 3◦ latitude (Morgan, 1983) and can easily be modeled to
have passed under the North American Craton between 47 Ma and 450 Ma.
1.3.2 Petrology of Jericho Kimberlite
The Jericho kimberlite pipe was discovered in February of 1995 and has since
been well studied as it is highly diamondiferous (Kopylova et al., 1998). All
petrologic descriptions are based on work conducted by Kopylova et al., 1999.
The Jericho pipe is a typical Class I kimberlite comprised of three different
facies, interpreted as being the result of three different phases of the eruption
(Kopylova and Hayman, 2008). The Jericho pipe contains very little mica in
either groundmass or phenocrysts (Kopylova et al., 1999). Phase I kimberlite
dominates the pipe root and sides and is described by Kopylova and Hayman,
(2008) as an intrusive HFK magma with 20-25% unaltered olivine macrocrysts,
1-10% zonally altered phenocrysts containing granite and limestone xenoliths.
Phase II kimberlite, which occupies the northern and southern lobes of the
main pipe, is TFK magma containing Ti, Fe and Cr-rich phlogopite and lapilli
within a carbonate groundmass, (Kopylova and Hayman, 2008). Phase III
kimberlite is CFK magma found in the central lobe of the pipe consisting of
6both layered volcaniclastic kimberlite and kimberlite breccia. Some layers dip
between 10◦ and 30◦ towards the central part of the pipe (Kopylova et al., 1999).
1.3.3 Mineralogy of Jericho Xenoliths
There are seven distinct types of xenoliths found in Jericho Pipe; eclogitic
xenoliths, coarse peridotite xenoliths, porphyroclastic peridotite xenoliths,
megacrystalline pyroxenite xenoliths, ilmenite-garnet wehrlite xenoliths and
clinopyroxenite xenoliths (Kopylova et al., 1999). All descriptions presented
are according to analyses conducted by Kopylova et al., (1999). The only
xenolith types considered herein are those containing mineral assemblages
used in the pressure and temperature calculations carried out by Kopylova et
al., (1999) and addressed in this study.
Coarse peridotite xenoliths are comprised of up to 90% olivine, 0-10%
clinopyroxene, 0.5-10% orthopyroxene 0.5-5% garnet, and may contain up to
1% spinel (Kopylova et al., 1999). Olivine crystals found within coarse
peridotites range in size from 3-10 mm, orthopyroxene crystals vary between
0.8-5 mm, clinopyroxenes in coarse peridotite xenoliths range between 1-7 mm
across and garnet crystals are between 2-3mm (Kopylova et al., 1999).
Alteration features manifest as phlogopite after clinopyroxene and garnet, talc
after orthopyroxene and chrysotile after olivine and orthopyroxene. (Kopylova
et al., 1999).
Porphyroclastic peridotite is further subdivided into ﬂuidal and non-ﬂuidal
types according to the type and extent of alteration (Kopylova et al., 1999).
7Fluidal peridotite xenoliths are the most deformed of all the Jericho xenoliths
and are characterized by pyroxene recrystallization (Kopylova et al., 1999).
Some minerals within ﬂuidal peridotite xenoliths show a strong preferred
orientation. This subset is comprised modally of up to 70% olivine neoblasts,
up to 70% clinopyroxene, up to 45% olivine, 1-5% orthopyroxene and 1-3%
garnet (Kopylova et al., 1999). Non-ﬂuidal peridotite is modally comprised of
up to 90% olivine, up to 12% orthopyroxene, 0-10% clinopyroxene and 2-10%
garnet (Kopylova et al., 1999). Olivine crystals are 1.5-7 mm diameter,
orthopyroxene can be up to 4 mm, clinopyroxene is typically smaller than 4
mm and garnet is 0.5-3 mm in diameter (Kopylova et al., 1999).
Megacrystalline pyroxenite contains modally as much as 65% each of
orthopyroxene and clinopyroxene, 1-25% garnet, 0-10% olivine, and up to 1%
spinel (Kopylova et al., 1999). The grain size of all minerals is 5-30 mm
(Kopylova et al., 1999). All minerals are subhedral to anhedral, and the grain
boundaries consistently show intergrowth textures and exsolution lamellae
(Kopylova et al., 1999).
Ilmenite-garnet wehrlite and clinopyroxenite xenoliths are described as a
separate type of xenolith from megacrystalline pyroxenite (Kopylova and
Hayman, 2008). Garnet comprises 40-50% of these samples, while ilmenite too
is relatively proliﬁc, making up 3-10% of a given xenolith. Modally, the other
minerals in these xenoliths vary so much so that the percentages are not listed
in this paper (Kopylova et al., 1999).
81.4 Background to the Thermal Model
1.4.1 Introduction
We explore transient and steady state 1-D thermal models for the temperature
time evolution of cratonic lithosphere. Our model uses measured surface
temperatures in conjunction with basic heat ﬂow equations and the radioactive
heat production within the crust to calculate the sub-cratonic temperature
structure down to 220 km depth. The slope of the linear portion of the best-ﬁt
curve through the upper part of the subcontinental mantle is the temperature
gradient which, when multiplied by thermal conductivity in this region,
provides an estimate of the mantle’s heat ﬂux into the base of the lithosphere.
For the linear extrapolation of the geotherm we presume a ﬁxed temperature at
the base of the lithosphere and negligible radioactive decay in the lithospheric
mantle, which gives a linear gradient below the Moho, estimated at 40 km
(Bank et al., 2000, Jones et al., 2003) and 53 km (Mareschal et al., 2004) thick in
the region of Jericho.
Kopylova et al. (1999) applied several different published
geothermobarometers (e.g. Macgregor, 1974, Wells, 1977, Nickel and Green,
1985, Finnerty and Boyd, 1989, Brey and Kohler, 1990) to infer the equilibration
P-T of 200 xenoliths collected from the Jericho Pipe. We modiﬁed a Matlab
model created by Depine et al., (2008) and correlated this model with P-T data
compiled by Kopylova et al., (1999) to construct sets of geotherms that most
closely match the xenolith geothermobarometry as well as the measured
surface heat ﬂow data (Nyblade,1999, Mareschal et al, 2004, Mareschal and
9Jaupart, 2004) available for the Slave Craton. The different geotherms
presented were ﬁt to xenolith P-T values (Kopylova et al., 1999) and measured
heat ﬂux and surface heat production values (e.g. Nyblade, 1999, Mareschal et
al., 2004, Mareschal and Jaupart, 2004) by adjusting temperature at the base of
the lithosphere (Tm), crustal thickness and average crustal radioactive heat
production input values within the model to obtain a visual best-ﬁt line
through the pressure and temperature array. Geotherms are thus generated for
ﬁve combinations of data sets and two different crustal thicknesses.
Parameters that make the best-ﬁt curve to the given data set while yielding
average heat ﬂow values most closely matching measured heat ﬂux values
(Nyblade,1999, Mareschal et al, 2004, Mareschal and Jaupart, 2004) are inferred
to be most appropriate for continental lithosphere and upper mantle beneath
the Jericho Pipe. Furthermore, data sets that coincide well with the diamond
graphite transition window are considered more reliable than those that do not
coincide well with the carbon phase transition within the mantle. Some
geothermometer and geobarometer pairs yield results that differ signiﬁcantly
from measured surface heat ﬂow values and are not applicable to Jericho Pipe
xenoliths. These data are addressed in Section 1.7.3.
101.4.2 Model constraints
Our thermal model is constrained by the assumption that the past pressure and
temperature proﬁle associated with the xenolith-inferred geotherm was also
associated with today’s crustal structure, heat production, and heat ﬂow. It can
be seen in the model (see Figures 1.7, 1.8, 1.11, 1.12, 1.15, 1.16) that the crustal
geotherm returns to steady-state within 200 Myr of the initial basal heating
event. If there is signiﬁcant kimberlite-related mantle heat conducted through
the ∼200km-thick lithosphere since the 175 Ma time of kimberlite
emplacement, then the inferred average crustal heat production will be slightly
overestimated, with a corresponding underestimate of mantle heat ﬂux into
the base of the lithosphere.
Model inputs are lithospheric density, speciﬁc heat of crustal rocks, crustal
thickness and surface temperature. The temperature at the base of the
lithosphere was chosen to vary between 1175◦C and 1300◦C for models not
including heating at the base of the lithosphere (a plume) and up to 1600 ◦C for
those runs including a basal heating event. The coefﬁcient of thermal
conductivity, crustal heat production and temperature at the base of the
lithosphere were varied to best ﬁt xenolith pressure and temperature values as
determined by geothermobarometry and surface heat ﬂux constraints on the
temperature-depth distribution beneath Jericho Pipe. Table 1.2 lists the
physical properties and boundary conditions used in these calculations.
Density, thermal conductivity and temperature at the base of the lithosphere
are varied in the model to produce different slopes to ﬁt the xenolith data and
surface heat ﬂow measurements. These variables are adjusted for each value of
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Figure 1.1: The three data sets used in this study compared to our basic
heat ﬂow model: Moho depth = 53 km
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Figure 1.2: The three data sets used in this study compared to our basic
heat ﬂow model: Moho depth = 40 km
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Figure 1.3: Data combinations predicting unreasonable geotherms: Moho
depth = 53 km
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Figure 1.4: Data combinations predicting unreasonable geotherms: Moho
depth = 40 km
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Figure 1.5: Macgregor en-gt pressure with Finnerty and Boyd tempera-
ture: Best-ﬁt geotherm, Moho depth = 53 km
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Figure 1.6: Macgregor en-gt pressure with Finnerty and Boyd tempera-
ture: Best-ﬁt geotherm, Moho depth = 40 km
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Figure 1.7: Macgregor en-gt pressure with Finnerty and Boyd tempera-
ture: Geotherm modeled to simulate passage over a mantle
plume, Moho depth = 53 km
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Figure 1.8: Macgregor en-gt pressure with Finnerty and Boyd tempera-
ture: Geotherm modeled to simulate passage over a mantle
plume, Moho depth = 40 km
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Figure 1.9: Breyand Kohlerpressure with Finnerty andBoyd temperature:
Best-ﬁt geotherm, Moho depth = 53 km
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Figure 1.10: Brey and Kohler pressure with Finnerty and Boyd tempera-
ture: Best-ﬁt geotherm, Moho depth = 40 km
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 Brey and Kohler pressure Finnerty and Boyd temperature: Plume temperature 1600  C
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Figure 1.11: Brey and Kohler pressure with Finnerty and Boyd tempera-
ture: Geotherm modeled to simulate passage over a mantle
plume, Moho depth = 53 km
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Figure 1.12: Brey and Kohler pressure with Finnerty and Boyd tempera-
ture: Geotherm modeled to simulate passage over a mantle
plume, Moho depth = 40 km
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Figure 1.13: Brey and Kohler pressure and temperature: Best-ﬁt geotherm,
Moho depth = 53 km
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Figure 1.14: Brey and Kohler pressure and temperature: Best-ﬁt geotherm,
Moho depth = 40 km
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Figure 1.15: Brey and Kohler pressure and temperature: Geotherm mod-
eled to simulate passage over a mantle plume, Moho depth =
53 km
260 200 400 600 800 1000 1200 1400 1600
−220
−200
−180
−160
−140
−120
−100
−80
−60
−40
−20
0
Temperature in C
D
e
p
t
h
 
i
n
 
k
m
Basic Heat Flow Model, Data Sets Included; Mantle temperature 1599C
Crustal heat flux =  56.9699
Mantle heat flux =   11.366
Total heat flux =   68.336
Ave crustal heat production =   1.0268e−06
Thermal conductivity =   2.7
Average heat production = 1.0268 mW/m
Crustal heat flux = 56.9699 mW/m
Mantle heat flux = 11.3660 mW/m
Total heat flux = 68.3359 mW/m
K = 2.7 mW/m C
2
3
2
2
o
Brey and Kohler pressure and temperature: Plume temperature 1600  C
Temperature in  C
o
D
e
p
t
h
 
i
n
 
k
m
0
20
40
60
80
100
120
140
160
180
200
2200    200         400  600       800         1000         1200        1400         1600  
o
Figure 1.16: Brey and Kohler pressure and temperature: Geotherm mod-
eled to simulate passage over a mantle plume, Moho depth =
40 km
27crustal thickness. Transient models for plume reheating assume that the
lithosphere starts from a steady state conductive proﬁle that is then perturbed
by the sudden imposition of a plume-like temperature at the base of the
lithosphere.
1.4.3 Our model compared to other work
The thermal model used herein is based on work done by Depine et al., (2008),
with speciﬁc modiﬁcations applied to taylor this model to our purposes. Like
Depine et al., (2008) our model solves the equation for temperature as a
function of depth, density, speciﬁc heat, and crustal radioactive heat
production (see Appendix A). The application of the model differs between
this work and the work of Depine et al., (2008) in that the interest of this study
is how xenoliths record P-T conditions as a function of basal heat input, rather
than changes in the geotherm according to degrees of partial melting in the
lithosphere (Depine et al., 2008). Our thermal model for the kimberlite
geotherm attempts to explain the temperature pattern seen in lithosphere
beneath the Jericho pipe, in particular the relatively low mid-lithosphere
temperatures consistent with a cool base to the lithosphere, and the much
hotter pressure and temperature conditions recorded in basal xenoliths.
This work is similar to recent work by Mareschal and Jaupart, (2004) in which
measured surface data is compared with xenolith-derived pressure and
temperature estimates to model the geotherm below the Slave Craton.
Mareschal and Jaupart, (2004) use a three-layer model for the crust that
28assumes each layer contributes different amounts of heat to the overall crustal
heat production to yield a value for surface heat production based on differing
contributions of each layer of the crust. Our model more closely matches work
conducted by Pollock, (1986) regarding crustal heat production in that
Pollock’s model has only one block representing the crust, hence, Pollock’s
model yields a value of mean crustal heat production. The model we constructed
also uses one layer to represent the entire crust and, like Pollock, (1986) we too
deﬁne heat produced in terms of mean crustal heat production.
Our model differs from the work of Pollock, (1986) and Mareschal and Jaupart,
(2004) in that the aforementioned two models use one curve to ﬁt all of the
xenoliths to a linear geotherm. We, however, evoke a mantle plume to explain
basal xenoliths inﬂected toward higher temperatures. We model the
depth-dependent deviation in the data patterns rather than assuming a
constant basal temperature and attempting to ”best-ﬁt” the geotherm through
the maximum number of points.
1.5 Geothermobarometry Methods
Xenoliths only lend themselves to certain geothermometers and geobarometers
due to their limited mineralogy. In this section the geothermobarometry
techniques used by Kopylova et al., 1998 are explained. This section is
arranged chronologically, in order from ﬁrst developed to most recently
developed. Please see Appendix B for a thorough discussion of equilibrium
reactions and thermodynamics as applied to geothermobarometry.
291.5.1 Macgregor
Experimental methods and geochemical reactions
Ian Macgregor of University of California Davis introduced his solvus
geothermometers based on Al2O3 solubility in the system MgO-Al2O3-SiO2 in
1974 (Macgregor, 1974). Macgregor’s experiments were conducted at pressures
between 0.5 GPa and 4 GPa, at temperatures between 900◦ and 1600◦C. Water
was added to runs below 1300◦C. Macgregor estimated the Clapeyron Slope of
the reactions below by analyzing the products present at the completion of his
experiments. Macgregor estimated equilibrium boundaries according to the
following reactions.
1) Mg3Al2Si3O12 (pyrope) + (1 − x) Mg2SiO4 (forsterite) ←→ (4 − x)
MgSiO3   xAl2O4 (aluminous enstatite) + MgAl2O4 (spinel)
2a) xMgAl2O4 (spinel) + (1 − x) MgSiO3 (enstatite) ←→ Mg2SiO4 (forsterite) +
MgSiO3   xAl2O4 (aluminous enstatite)
2b) MgSiO3 (enstatite) + MgAl2O4 (spinel) ←→ liquid + Mg2SiO4 (forsterite) +
MgAl2O4 (spinel)
3) liquid + Mg2SiO4 (forsterite) + MgAl2O4 (spinel) ←→ liquid + MgAl2O4
(spinel)
4) liquid + Mg2SiO4 (forsterite) ←→ liquid
All of the above reactions use pure endmembers and hence represent systems
uncontaminated by trace elements. The systems above do not include Fe in the
reactions. Fe is the most common trace element in natural systems (White,
302006) and because it is a transition element, Fe is capable of occupying more
than one site within a crystal lattice (e.g. White, 2006).
One potential source of error in the methodology is introduced by the addition
of water to runs at temperatures below 1300◦C. Temperature estimates for runs
between 900◦C and 1300◦C were unobtainable otherwise, and so water was
added to these runs to increase reaction rates (Macgregor, 1974).
1.5.2 Wells
In 1977, Peter Wells of the University of Oxford mathematically developed a
geothermometer based on laboratory work conducted by Boyd and Schairer,
(1964), Davis and Boyd, (1966), Boyd, (1970), Kushiro, (1972) and Warner and
Luth, (1974). Experiments considered were conducted at temperatures
between 800◦ and 1700◦C and pressures between 0.1 GPa to 4 GPa. Wells
compiled data from all these experiments to develop a two-site solution model
based on the activities of orthopyroxene and clinopyroxene as a function of
pressure and temperature (Wells, 1977).
Starting with the equation,
∆G◦
P,T = −RTln[
a
cpx
Mg2Si2O6
a
opx
Mg2Si2O6
], where
ln(K) = −∆H◦
RT + ∆S ◦
R , and
∆H◦ and ∆S ◦ were extrapolated based on experimental work conducted at
ambient pressure by Lindsley and Dixon, (1976),
Numerical values were assigned to R,∆H◦ and ∆S ◦, yielding the equation
31T =
7341
3.355+2.44X
opx
Fe −ln(K), where
X
opx
Fe = Fe2+
Fe2++Mg2+.
Sources of error in empirically-based geothermobarometry equations include
not only the errors ﬁrst introduced in the original work but also the
assumnptions made in calculating a linearaly-extrapolatable Clapeyron Slope.
Wells does not imply that the work done in his paper is accurate for P-T
conditions beyond the scope of the paper. Jericho xenoliths originate at P-T
conditions in excess of what Wells considered.
Both ∆V and no ∆Cp are presumed to be zero for the two-site mixing model.
∆V is a non-zero term in all phase changes. Disregarding the contribution of
∆V in the calculations used to calculate the geobarometer could cause pressure
estimates to be incorrect.
Wells combined data from different geologic settings to obtain an average. I
think this is the methodology.
The values of ∆H◦ and ∆S◦ used in this paper are those calculated for ambient
pressure. These ”constants” will have different values when extrapolated to
P-T conditions common to the Jericho region and could lead to a systematic
trend in the data when analyzed using Wells’ technique.
This study is historically interesting in that the work makes the best use of the
data available at that time.
321.5.3 Nickel and Green
The study conducted by K. G Nickel and D. H. Green in 1985 examines
peridotites both with and without Cr2O3 as a function of pressure and
temperature in the systems CaO-MgO-Al2O3-SiO2 (CAMS) and
SiO2-MgO-Al2O3-CaO-Cr2O3 (SMACCR) within the pressure range of 2 GPa to
4 GPa between temperatures of 1000◦C and 1400◦C. The reaction used to
estimate pressure for the CAMS system is,
Mg2Si2O6 (enstatite) + MgAl2SiO6 (Mg-tschermsk’s molecule) = Mg3Al2Si3O12
(pyrope). The thermodynamic equation applied to determine pressure for the
CAMS system is,
P = ( 1
∆VA){−[RTln(KA) + 3(X
gt
Ca)2W
gt
Ca] − ∆HA + T∆S A}
Nickel and Green, (1985) note that this calibration may not be appropriate for
xenoliths with elements other than Cr such as Na and Ti as these elements will
occupy the M1 site in which Al would otherwise be found (Nickel and Green,
1985).
1.5.4 Finnerty and Boyd
In 1987, Art Finnerty and Frank Boyd revised work done in
geothermobarometry using both the diopside-enstatite miscibility gap and the
alumina solubility in orthopyroxene coexisting with garnet (Finnerty and
Boyd, 1987). Finnerty and Boyd analyzed work done by Lindsley and Dixon,
(1976), Perkins and Newton, (1980), Perkins and Newton (1981), Harley and
33Green, (1982), Harley, (1984), Lindsley and Anderson, (1983), Yamada and
Takahashi, (1984), Bertrand and Mercier, (1985), Nickel et al., and (1985), Nickel
and Brey, (1986). They deﬁned thermodynamic equations to linearize some
non-linear results. All equations were analyzed using TEMPEST and the forms
of the equations presented herein are in the form used to input equations into
TEMPEST.
Finnerty and Boyd experimentally calibrated their thermometers and
barometers to Lesotho xenoliths. After comparison to experimental work
conducted by the authors, Finnerty and Boyd, (1987) found that the revised
Lindsley and Dixon, (1976) thermometer and the Mac Gregor enstatite-garnet
barometer discussed above (Mac Gregor, 1974) yielded results matching most
closely with the experimental results of Finnerty and Boyd, (1987). Finnerty
and Boyd report that there is too small ∆V in the spinel-enstatite transition to
consider this an accurate barometer, hence they prefer the enstatite-garnet
thermometer developed by Mac Gregor, (1974) to Mac Gregor’s
enstatite-spinel geothermometer (Mac Gregor, 1974).
Data gathered by Lindsley and Dixon, (1976) were ﬁtted by Finnerty and Boyd
to deﬁne the following geothermometer;
X
cpx
En = [ T
a+bP]c, where
X
cpx
En is the mol fraction of Mg2Si2O6 (enstatite)
a = 1941
b = 5.04
c = 5.37
341.5.5 Brey and Kohler
Brey and Kohler furthered the cause of geothermobarometry with an updated
version of the two-pyroxene thermometer and the Al-in-opx barometer. The
thermometer is of the form,
TBKN +
23664+(24.9+126.3X
cpx
Fe )P
13.38+(ln(K∗
D))2+11.59X
opx
Fe
and the modiﬁed barometer equation is,
PBKN =
−C2
r
C2
2+4C3C1
1000
2C3
TCa−in−opx(K) =
6425+26.4P
−ln(Caopx)+1.843
This study is experimentally based and the calibrations presented are relative
to the data derived from experimentation.
35Table 1.1: Geothermobarometers applied to Jericho xenoliths
After Kopylova et al., 1998
Workers Method
Brey & Kohler, 1990 Al-in-opx exchange reaction barometer
Macgregor en-gt, 1974 Al2O3-in-en and gt exchange reaction barometer
Macgregor en-sp, 1974 Al2O3-in-en and sp exchange reaction barometer
Nickel & Green, 1985 Al-in-opx and gt exchange thermometer
Brey & Kohler, 1990 Ca-partitioning-in-two-pyroxene solvus thermometer
Finnerty & Boyd, 1987 Di-en miscibility gap net-transfer thermometer
Wells, 1977 Two-pyroxene solvus thermometer
Table 1.2: Average crustal heat production values per geotherm
Method Moho Ave heat prod
Jaupart and Mareschal, 2004 (Slave Craton average) NA 2.3mW
m3
Nyblade, 1999 NA 0.5-0.8mW
m3
Model 53 km 0.57mW
m3
Model 40 km 0.96mW
m3
36Table 1.3: Mantle heat ﬂux values per geotherm
Method Moho Mantle heat ﬂux
Model 53 km 11.17mW
m2
Model 40 km 11.01mW
m2
Modeled Macgregor en-gt P, Finnerty and Boyd T 53 km 11.73mW
m2
Modeled Macgregor en-gt P, Finnerty and Boyd T 40 km 11.23
mW
m2
Modeled Brey and Kohler P, Finnerty and Boyd T 53 km 11.89mW
m2
Modeled Brey and Kohler P, Finnerty and Boyd T 40 km 10.95
mW
m2
Modeled Brey and Kohler P, Brey and Kohler T 53 km 10.43mW
m2
Modeled Brey and Kohler P, Brey and Kohler T 40 km 11.37mW
m2
Table 1.4: Crustal heat ﬂux values per geotherm
Method Moho Crust heat ﬂux
Grifﬁn et al., 1999 (Lac de Gras xenoliths) 35-40 km 35-40
mW
m2
Kopylova et al., 1999 (Jericho xenoliths) 40 km 52-53mW
m2
Model 53 km 42.33mW
m2
Model 40 km 53.80mW
m2
Modeled Macgregor en-gt P, Finnerty and Boyd T 53 km 42.89mW
m2
Modeled Macgregor en-gt P, Finnerty and Boyd T 40 km 51.02
mW
m2
Modeled Brey and Kohler P, Finnerty and Boyd T 53 km 40.37mW
m2
Modeled Brey and Kohler P, Finnerty and Boyd T 40 km 47.86mW
m2
Modeled Brey and Kohler P, Brey and Kohler T 53 km 43.18mW
m2
Modeled Brey and Kohler P, Brey and Kohler T 40 km 56.97mW
m2
37Table 1.5: Range of pressures predicted by geobarometers
Method Range Spread
Nickel and Green 3.25-5.25 GPa 2 GPa
Brey and Kohler 2.25-6.25 GPa 4 GPa
Macgregor en-sp 2.25-6.75 GPa 4.5 GPa
Macgregor en-gt 1.4-6.5 GPa 5.1 GPa
Table 1.6: Range of temperatures predicted by geothermometers
Method Range Spread
Wells 760-1180 ◦C 420 ◦C
Brey and Kohler 650-1340 ◦C 690 ◦C
Finnerty and Boyd 525-1240 ◦C 715 ◦C
1.6 Results
Ideally, the geotherm generated by our models would ﬁt all the data points and
match the average surface heat ﬂux values measured at the surface. In practice
however, no one curve ﬁts all the data points. Regardless of which analysis
was used with our model, all data sets considered here are better modeled by
evoking an inﬂected curve that extends towards higher temperatures in the
lowermost portions of the lithosphere. This inﬂection occurs at pressures
between ∼160 km and ∼200 km, which corresponds to pressures of 4-5 GPa,
and is also noted by other workers who have conducted studies on xenoliths
from this region (e.g. Grifﬁn et al., 1999, Kopylova et al., 1998). Both Grifﬁn et
38al. and Kopylova et al. suggests that the difference in the slope of the geotherm
from 0 km to ∼160 km versus the slope of the geotherm at depths between
∼160 and ∼200 km is due to differing petrologies in the lower lithosphere. The
differing petrologies need not disagree with the impingement of a
sub-lithospheric heat source however. Wells suggests that partial melting and
subsequent underplating of the lithosphere could lead to petrological
heterogeneity (Wells, 1977). Peter Wells proposes convection cells as a
mechanism, however the passage over a hotspot is also a viable heat source.
The P-T conditions inferred by geothermobarometry techniques considered in
this study show a large spread in results (see Tables 1.5-1.6). Some
combinations of data predict a believable geotherm while other data sets
together yielded unreasonable values of crustal heat production (see Figures
1.2 and 1.3). Data sets that yield the most appropriate results to the model and
presumably to the actual geotherm are Brey and Kohler pressure with Brey and
Kohler temperature, Brey and Kohler pressure with Finnerty and Boyd
temperature and Macgregor en-gt pressure with Finnerty and Boyd
temperature (see Figure 1.2). The most unreasonable results ensue when
combining Wells temperature with Macgregor en-gt pressure, which yields a
geotherm requiring an excessive surface heat ﬂux and Finnerty and Boyd
temperature with Nickel and Green pressure, which yields a geotherm that
would require a (meaningless) ”negative” heat production (see Figure 1.3).
Compared to our ideal geotherm, the Finnerty and Boyd/Macgregor geotherm
yields the same value of average heat production. The crustal heat ﬂux
predicted by the Finnerty and Boyd/Macgregor geotherm is ∼9% greater than
estimated by our 53 km moho model, while the mantle heat ﬂux ∼5% smaller.
39Predicted temperature at the base of the lithosphere, like our ideal geotherm, is
1225◦C. The Brey and Kohler/Finnerty and Boyd geotherm predicts a value for
average crustal heat production that is ∼8% less than the model. The crustal
heat ﬂux predicted by this model is ∼5% less than what is estimated by our
best-ﬁt geotherm while the mantle heat ﬂux is ∼6% greater than predicted by
our model. Temperature at the base of the lithosphere according to this
geotherm is 1170◦C, 55◦C less than predicted by our model. The Brey and
Kohler method yields an average surface heat production that is 5% greater
than than estimated by our basic heat ﬂow model. Crustal heat ﬂux according
to the Brey and Kohler geotherm is ∼2% smaller that predicted by our model.
The mantle heat ﬂux contribution in the Brey and Kohler geotherm is ∼7% less
than predicted by our model. Temperature at the base of the lithosphere
according to this model is 1275◦C which is 50◦C greater than what is estimated
by our model.
The method that best ﬁts our ideal geotherms for the Jericho Pipe region is the
combination of Macgregor’s enstatite-garnet geobarometer with Finnerty and
Boyd’s geothermometer (see Figures 1.2-1.5). The geotherm generated by these
results shows an inﬂection in the slope of the geotherm that begins to vary at
∼185 km depth or pressure of ∼6 GPa. Brey and Kohler’s barometer combined
with Finnerty and Boyd’s thermometer yields a geotherm that correlates well
with our model and the measured heat ﬂux values for the Jericho region (see
Figures 1.2, 1.6 and 1.7). At ∼155 km depth, or ∼5 GPa, there is a change in the
slope of the geotherm and a large scatter in the data. The third geotherm that
shows good agreement with our basic heat ﬂow model results when
combining Brey and Kohler’s thermometer and barometer (see Figures 1.2, 1.8
40and 1.9). Inﬂection towards higher temperatures begins at ∼165 km depth
which corresponds to a pressure of ∼5 GPa.
1.6.1 Comparison of Geothermobarometric Methods
We looked at geothermometers and geobarometers relative to each other to see
if there were any systematic trends in the data that would explain the
difference in predicted geotherms according to which method was applied (see
Figures 1.10-1.17). The same set of xenoliths was analyzed using each workers’
techniques (see Table 1.2) and each technique is analyzed below. The
temperature variation is not as extreme from method to method as is pressure,
which vary up to 2 GPa for the same xenolith (see Tables 1.5-1.6).
Macgregor en-gt geobarometer vs. Macgregor en-sp geobarometer
Macgregor uses exchange reaction geobarometers to estimate pressure.
Macgregor en-gt refers to an enstatite-garnet exchange reaction while
Macgregor en-sp uses an enstatite-spinel exchange reaction. Comparison of
these two geobarometers (see Figure 1.17) shows a large spread in the data
which widens with increasing pressure. Below 2 GPa the enstatite-garnet
geobarometer predicts higher pressure by up to ∼0.75 GPa. Between 2-3.5 GPa
and 4.5-4.5 GPa the estimates are in good agreement with the maximum
difference between the two barometers only ∼0.5 GPa. At pressures between
3.5 and 4.5 GPa the maximum difference in barometers for the same xenolith is
1 GPa, with the enstatite-garnet barometer predicting higher pressure. Above
414.5 GPa there is a large scatter in the data to either side and the two
geobarometers differ by as much as 2 GPa.
Brey and Kohler geobarometer vs. Macgregor en-gt geobarometer
The Brey and Kohler geobarometer uses an Al-in-orthopyroxene exchange
reaction geobarometer to estimate pressure. When graphed against Macgregor
en-gt the values are in closest agreement between 3-4.5 GPa, varying by ∼0.25
GPa. The two data points that lie below 3 GPa show that the Brey and Kohler
barometer yields higher pressures than does Macgregor en-gt, with the
pressure differences being ∼1.2 GPa and ∼0.6 GPa. Above 4.5 GPa the two
methods show a difference of up to 1.5 GPa, with Macgregor en-gt predicting
higher pressures between 5 and 6 GPa and Brey and Kohler predicting higher
pressures above 6 GPa.
Brey and Kohler geobarometer vs. Macgregor en-sp geobarometer
The Brey and Kohler, (1990) geobarometer agrees well with Macgregor en-sp
up to 3.5 GPa, with Brey and Kohler predicting pressures higher than
Macgregor en-sp by a maximum of ∼0.5 GPa. Between pressures of 3.5 GPa
and 3.75 GPa the Brey and Kohler thermometer estimates a higher pressure by
up to ∼2.5 GPa, although there is good agreement between the two methods
where the two trend-lines cross between 3.5 and 3.75 GPa. Between 3.75 and 5
GPa Brey and Kohler overestimate the pressure conditions relative to
Macgregor en-sp with a pressure difference of up to 1.5 GPa. Above 5 GPa
42there is a large scatter in the data of up to 1.5 GPa. Macgregor en-sp tends to
estimate higher pressures than Brey and Kohler at pressures greater than 5
GPa, however, Brey and Kohler predicts a higher pressure than Macgregor
en-sp for many data points within this range.
Nickel and Green geobarometer vs. Macgregor 1 geobarometer
Nickel and Green, (1985) use a diopside enstatite solvus geobarometer. At
pressures of 3-4 GPa there is a difference between the two methods of up to 1.5
GPa with Nickel and Green predicting higher pressures than Macgregor 1.
Exactly at 4 GPa there is excellent agreement between the two barometers,
however, between 4 GPa and 4.5 GPa there is a large scatter in the data with
Macgregor’s (1974) enstatite-garnet barometer predicting higher pressure than
Nickel and Green by as much as 1 GPa. Between 4.5 GPa and 5 GPa there is
again some points that show good correlation among the 2 methods with the
maximum pressure difference being less than ∼0.5 GPa for a few xenoliths.
Interestingly, at 4.5 GPa there are also many points that show an increasing
divergence between the two barometers. Above 4.5 GPa (with the exception of
the few points that converge) Macgregor’s enstatite-garnet consistently
predicts higher pressures than Nickel and Green. The Nickel and Green
geobarometer does not show a signiﬁcant increase in pressure relative to
Macgregor 2 above 4.5 GPa. Nickel and Green’s barometer predicts that 21
xenoliths lie within the range of 4.5-5.25 GPa while these same corresponding
points span pressures between 4.5-6.6 GPa according to Macgregor’s
enstatite-garnet geobarometer.
43Nickel and Green geobarometer vs. Macgregor 2 geobarometer
At pressures up to 4.5 GPa there is very good agreement between two outliers,
however the other data in this area show marked difference in pressure
estimates, with Nickel and Green predicting higher pressures than Macgregor
2. Above 4.5 GPa the Nickel and Green geobarometer does not predict as large
a change in pressure values as does Macgregor’s enstatite-spinel barometer,
hence the pressure difference between the two methods in this area is up to 2
GPa with Macgregor 2 yielding the higher pressure values of the two methods
in this range.
Brey and Kohler geothermometer vs. Finnerty and Boyd geothermometer
These two geothermometers yield geotherms that are most appropriate to the
area of all thermometers considered in this study. Brey and Kohler use a
two-pyroxene net-transfer geothermometer to estimate temperature while
Finnerty and Boyd use a Ca-partitioning between two pyroxene
geothermometer. Brey and Kohler’s geothermometer consistently predicts
higher temperatures for a given xenolith than does Finnerty and Boyd’s
geothermometer by temperatures of up to ∼100 ◦C. The closest agreement
between the two methods occurs between 900 ◦C and 950 ◦C where the greatest
temperature difference between the two methods is ∼25 ◦C. The largest
differences in temperature occur below 800 ◦C where a spread of ∼100 ◦C is
seen in the data. The methods more closely correspond at higher temperatures
with a maximum difference in the data above ∼1200 ◦C of ∼75 ◦C and most
values being within ∼50 ◦C.
44Wells geothermometer vs. Brey and Kohler geothermometer
Wells uses a two-pyroxene solvus thermometer to estimate temperature. Wells’
geothermometer, like Nickel and Green’s geobarometer does not show a wide
range of temperatures relative to other geothermometers considered. Brey and
Kohler predict higher temperature for all xenoliths in the region, however the
magnitude of the difference increases with temperature. Wells predicts a
higher temperature up to 825 ◦C. For temperatures above 825 ◦C, Brey and
Kohler’s thermometer consistently predicts a higher temperature for the same
xenolith than does Wells’ geothermometer by up to 200 ◦C. The difference in
temperatures is most pronounced above 1100 ◦C where the average
temperature difference is ∼150 ◦C.
Wells geothermometer vs. Finnerty and Boyd geothermometer
Wells predicts a temperature up to 250 ◦C higher than Finnerty and Boyd for
temperatures up to 900 ◦C with the highest temperature difference occurring at
low temperatures. There is good correlation between 850 ◦C and 1000 ◦C for
some xenoliths, however in this range there are also some differences of up to
100 ◦C. The maximum difference between the predicted values of these two
thermometers is ∼100 ◦C above 900 ◦C with Finnerty and Boyd predicting
higher temperatures in this range.
45General trends in individual geothermometers and geobarometers
Nickel and Green’s Al-in-orthopyroxene and garnet exchange barometer
places all Jericho xenoliths between 3.25 GPa and 5.25 GPa. This is an
unreasonably small range of pressure and explains why even when placed
with a good geothermometer (see Figure 1.3), Nickel and Green’s method does
not yield a physically feasible geotherm for this region. This particular
technique signiﬁcantly underestimates pressures for the deepest xenoliths and
overestimates pressures for the most shallow xenoliths relative to other
barometers discussed in this study. Similarly, Wells’ thermometer does not
cover the same range of temperatures as other thermometers discussed herein,
comprising only ∼60% of the temperatures covered by the other two
thermometers considered. Consequently, Wells’ geothermometer
systematically overestimates the lower temperature xenoliths and
underestimates the high temperature ones. Macgregor’s enstatite-garnet
barometer spans the largest pressure range of all geobarometers examined in
this study. Macgregor’s enstatite-spinel barometer also spans a wide range of
values, but does not yield a geotherm appropriate to the area when combined
with other geothermometers. Brey and Kohler’s geobarometer does not span
the range of pressures seen in either of Macgregor’s barometers, but yields
results that are in good agreement with our ideal geotherm.
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Figure 1.20: Pressure comparison: Macgregor en-gt vs. Macgregor en-sp
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Figure 1.21: Pressure comparison: Brey and Kohler vs. Macgregor en-gt
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Figure 1.22: Pressure comparison: Brey and Kohler vs. Macgregor en-sp
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Figure 1.23: Pressure comparison: Nickel and Green vs. Macgregor en-gt
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541.7 Discussion
Our model is biased toward having the geotherm best-ﬁt the lowermost
xenoliths and evoking a mantle plume to explain higher temperature xenoliths.
Other workers (e.g. Pollock, 1996, Kopylova et al., 1998, Grifﬁn et al., 1999,
Mareschal and Jaupart, 2004) chose a line that is more typical of a least-squares
best-ﬁt and linearize the scatter seen in basal xenoliths. We get a different value
of paleogeotherm than Kopylova et al. This could be due to the fact that we are
ﬁtting our geotherm to the best-ﬁt of the lower temperature line of the
geotherm and assuming that the additional heat input is resultant of plume
impingement.
1.7.1 Crustal thickness
Kopylova et al., (1999) report a higher value of average crustal heat production,
and subsequently, higher crustal heat ﬂux than our model for Moho depths of
both 40 km and 53 km. The maximum reported thickness for the Slave Craton
is 53 km (Mareschal and Jaupart, 2004). Seismic studies by Jones et al., (2003)
indicate that the thickest part of the Slave Craton is 46 km and the thinest part
is 37 km, with the average crust being roughly 40 km. Thinner crust requires a
higher average crustal heat production than a thicker crust because the same
amount of heat must be generated in a smaller area to yield a geotherm that
correlates with xenolith data (Kopylova et al., 1999) and surface heat ﬂux
values (Mareschal et al., 2004). We used moho depths of 40 km and 53 km and
55found noteworthy differences in crustal heat ﬂux as a function of thickness (see
Figures 1.2-1.4, Tables 1.3-1.5).
The variation in surface heat production values and crustal heat ﬂux is too
great to constrain crustal thickness to within a smaller margin than is already
given in current work (e.g. Jones et al., 2003, Mareschal and Jaupart, 2004).
1.7.2 Inﬂected geotherms
All geotherms for this area however do show an inﬂection toward higher
temperatures between 160-190 km depth. This inﬂection is not seen in P-T data
from xenoliths in all areas worldwide, (Grifﬁn et al., 1999) and therefore is
unlikely to be a systematic error in geothermobarometric methods. Other
workers studying Jericho xenoliths attributed the change in the slope of the
geotherm between 160-185 km to differing petrologies present at the time of
emplacement (Kopylova et al., 1999, Grifﬁn et al., 1999). Our model differs in
that we evoke a mantle plume to explain the temperature deviation seen in
basal xenoliths.
Presuming its existence, the basal heating event recorded in the Jericho
xenoliths would have been a geologically short-lived event. This is evidenced
in the model because the paleogeotherm model is in good accordance with the
surface heat ﬂux values measured in the area today. Were the pulse of heating
a longer term event the current heat ﬂux values would not ﬁt the linear trend
seen in the majority of xenoliths.
561.7.3 Comparison of geotherms
We deﬁned our best-ﬁt geotherm to most closely match measured surface heat
ﬂow data from the Jericho region. Some data sets when correlated with our
model agree well with predicted geotherms, while others measured yield
physically impossible geotherms. As noted by Kopylova et al., (1998) Finnerty
and Boyd’s geothermometer when combined with Macgregor’s
enstatite-garnet barometer produces a geotherm that most closely matches the
geotherm generated according to the measured heat ﬂow values in the region.
Brey and Kohler’s pressure and temperature together produce a geotherm that
is consistently higher temperature than what our model predicts. Likewise,
Brey and Kohler’s pressure combined with Finnerty and Boyd’s temperature
yields a geotherm that predicts a higher temperature than our best-ﬁt
geotherm.
All geotherms for this area however do show an inﬂection at pressures between
4.5-5.5 GPa and temperatures from 1000-1100◦. This would have to show up
however in data worldwide to be a systematic error in everyone’s methods.
Lesotho xenoliths do not show an inﬂected geotherm (Grifﬁn et al., 1999).
Data Sets Predicting Unrealistic Geotherms
Some combinations of geothermometers and geobarometers yield an
implausible geotherm that is inconsistent with a reasonable surface heat ﬂux in
the Jericho region. Reasons for discrepancies in the data could pertain to the
speciﬁc mineralogies of the xenoliths relative to the minerals used in
57individual experiments, the systematic error inherent to a particular method,
the thermodynamic assumptions made and subsequent corrections applied
and/or the behavior of trace elements not considered in experiments (see
Appendix 1).
Wells’ temperature when combined with Macgregor’s enstatite-spinel
geobarometer predicts a surface heat production of 1.71mW
m2 , a crustal heat ﬂux
of 82.73mW
m2 , a mantle heat ﬂux value of 6.73mW
m2 and a temperature at the base of
the lithosphere of 1125◦C (see Figures 1.3 and 1.4). While the average crustal
heat production is within range of other work cited, the value of crustal heat
ﬂux generated by this geotherm is 65% greater than predicted by our model
and requires a temperature at the base of the lithosphere that is 50◦C lower
than the lowest value of any other geotherm generated by this model.
Finnerty and Boyd’s temperature when combined with Nickel and Green’s
pressure results in a geotherm that predicts a negative value of surface heat
production, which has no physical meaning (see Figure 1.3). These two are the
most extreme examples of unreasonable geotherms, however, in all geotherms
that estimate unrealistic values of heat ﬂux, the greatest source of error most
likely lies in the geobarometers as there is a markedly greater discrepancy
among barometers than among thermometers (see Figures 1.19-1.26).
Finnerty and Boyd’s geothermometer when combined with Brey and Kohler’s
geobarometer results in a geotherm estimating a temperature at the base of the
lithosphere at 1170◦C, while Brey and Kohler’s thermometer and barometer
together predict this temperature as more than 100◦C higher, at 1275◦C. This is
likely due to the fact that Finnerty and Boyd’s temperature estimates are
58consistently lower than those generated using the Brey and Kohler
thermometer.
1.8 Conclusion
The Canadian Shield shows signiﬁcant lateral variability in surface heat ﬂux
with measured heat ﬂow values spanning 30-69mW
m2 (Nyblade, 1999) across the
Canadian Shield and ﬂuctuating on the scale of ∼7
mW
m2 per ∼500 kilometers
(Mareschal and Jaupart, 2004). Consequently, all geotherms considered herein
can be ﬁt in a number of ways by adjusting various parameters. Crustal
thickness affects calculated surface heat production and crustal heat ﬂow more
than any other parameter in our model. We can ﬁt the geotherms, however,
due to the dependence on variable parameters, the solutions presented are not
necessarily unique. What we considered to be the best-ﬁts in each instance are
those geotherms that most closely coincide with the measured surface heat
ﬂow values. The crustal thickness in this region can be assumed to be closer to
40 km than 50 km as the geotherm for a 40 km crustal thickness yields results
that more closely match measures surface heat ﬂow values. This is consistent
with other published work that estimates the Moho depth as ∼40 km in the
Northern Slave Craton area (Bank, 2000, Grifﬁn et al., 1999, Nyblade et al.,
1999).
All basal xenoliths, regardless of which workers’ geothermometers and
geobarometers are considered, show an inﬂection towards higher temperatures
than are predicted my a best-ﬁt line through the upper xenoliths. Finnerty and
59Boyd’s geothermometer when combined with Macgregor’s enstatite-garnet
geobarometer shows the least inﬂection. Kopylova et al., (1998) prefer this
method over Brey and Kohler’s geothermometer and barometer combination
because Brey and Kohler’s thermometer and barometer place diamondiferous
eclogite at shallower depths than those at which diamonds are typically
believed to be stable (Kopylova et al., 1998).
Even the Brey-Kohler geothermobarometer shows a xenolith geotherm more
consistent with a pulse of heating at the base of the lithosphere shortly prior to
kimberlite eruption (see Figures 1.13-1.16), although in the
Brey-Kohler-inferrred geotherm there is much more scatter, and not a close ﬁt
to a single lithospheric geotherm at the time of kimberlite emplacement. This
scatter could be due to lithospheric heterogeneities (e.g. Kopylova et al., 1998,
Grifﬁn et al, 1999), basal heating of the lithosphere prior to eruption (this
study) or to the wide scatter in values predicted by different barometers at
pressures greater than ∼5 GPa (see Figures 1.17-1.21).
The inﬂection in the geotherm seen in Jericho Pipe xenoliths could be
explained by the fact that geobarometers are highly irregular at pressures
above 5 GPa. This is unlikely the sole cause of the inﬂection however, because
all workers’ data shows the same trend, so although there is variability in
thermometers and barometers, the trend towards higher basal temperatures is
apparent in all xenoliths from the Jericho region. Kopylova et al., (1998)
suggest a variation in petrologies sampled as the explanation for the inﬂection.
The idea of differing petrologies and the idea of plume-induced basal heating
are not mutually exclusive.
60CHAPTER 2
FTIR MAPPING OF EIFEL VOLCANIC FIELD XENOLITHS
2.1 Introduction
Water has a strong inﬂuence on geophysical and geochemical properties of the
mantle (e.g. Bolfan-Casanova, 2005, Hauri et al., 2006, Grant et al., 2007) , yet
historically has been difﬁcult to quantify (e.g. Grant et al., 2007, Shaw et al.,
2004). Understanding the behavior of water in the mantle can enhance our
understanding of mantle ﬂow dynamics as water lowers mantle viscosity
(Grant et al., 2007). Water will preferentially migrate to particular minerals and
how much water can be incorporated into the crystal structure is a function of
the geochemistry of a system (Grant et al., 2007). The amount of water present
in exhumed xenoliths correlates to the water content of the source region (e.g.
Bolfan-Casanova, 2005, Hauri et al., 2006) and depends strongly on the
chemistry, pressure and temperature of the system (e.g. Shaw et al., 2004,
Hauri et al., 2006, Grant et al., 2007). Fluids in mineral structures increases
transport kinetics thereby increasing reaction rates (Bolfan-Casanova, 2005)
and encouraging the growth of relatively large crystals. Free mantle water
increases transport kinetics, leading to lower mantle viscosity and subsequent
increase mantle ﬂow rates (e.g. Bolfan-Casanova, 2005, Grant et al., 2007).
Fourier Transform InfraRed (FTIR) Spectroscopy (see Appendix 2) has
simpliﬁed the process of quantifying the amount and location of water in
minerals (e.g. Bell and Rossman, 1992, Hauri et al, 2006). Modern FTIR
61spectrometers contain focal plane array detectors capable of producing maps
of water concentrations within minerals and along grain boundaries, thereby
increasing our understanding of water partitioning in minerals.
In this study we examine water concentrations from four minerals in upper
mantle xenoliths from Meerfelder Maar in the West Eifel Volcanic Field,
Germany. Single point spectra are analyzed according to wavenumber. Using
water concentration maps generated by FTIR spectroscopy we examine the
behavior of water within minerals and along grain boundaries, as well as
consider the metasomatic events responsible for water concentrations of Eifel
xenoliths.
2.2 Water in Earth’s Mantle
2.2.1 Behavior and properties of mantle water
At lithospheric pressures, water behaves as an incompatible element and will
preferentially go into any available melt rather than remain incorporated in
mineral structures, while at higher pressures water incorporates into vacancies
within the crystal lattice (Bolfan-Casanova, 2005). Water is not one discrete
molecule in mantle minerals, rather, it separates into H+ protons and OH− ions.
The OH− ion ﬁts into vacant sites within the crystal lattices of mantle minerals
(Bolfan-Casanova, 2005), while the H+ proton can readily substitute for cations
in M1 and M2 sites within a crystal lattice. Sites within minerals shrink with
increasing pressure, and, due to its relatively small size, the H+ proton can ﬁt
62within smaller sites present at mantle pressures and thus temporarily act to
balance the charges within minerals. 2H+ protons can substitute for one Mg2+
and one H+ proton and one Al3+ can substitute for the Si in an SiO4 tetrahedron
(Hauri et al., 2006). This conﬁguration is less stable however because H+
protons do not bond well due to their lack of outer orbitals.
In a relatively Al-free mantle, olivine and pyroxene will have the same value of
ppm water within error (Hauri et al., 2006). However with increasing Al3+ in a
system, the water content of orthopyroxene will increase signiﬁcantly relative
to the water content of olivine (Hauri et al., 2006), as olivine does not accept
Al3+ into cation sites as easily as do pyroxenes. Olivines have an average of
some% Meerfelder Maar xenoliths
Water in the mantle through time
The amount of water in the mantle has generally decreased with time
(Bolfan-Casanova, 2005). The mantle is by no means homogeneous however
and subsequently certain portions of the mantle will have different water
contents accordingly. Mg-rich basalts called komatiites are resultant of either
higher temperatures and/or high mantle water content. Komatiites were more
common in the Archaean than today and are presumed to be the result of
higher mantle temperatures at that time. Water’s tendency to drive melt
toward a more Mg-rich composition however could also contribute to the
predominance of Archaean komatiites (Bolfan-Casanova, 2005), as there was
more water in the mantle in the Archaean than there is today due to degassing
and the general cooling of the planet.
63As mentioned above, 2H+ protons can substitute for one Mg2+. This
substitution is favored over H+ proton and one Al3+ substituting for Si in an
SiO4 tetrahedron at pressures greater than ∼2 GPa. This substitution has been
proposed as a reason that high-Mg komatiite magmatism was so prevalent in
the Archaean (Bolfan-Casanova, 2005), as the mantle had not ﬁnished
degassing at that point in time and thus could be anticipated to have contained
more water than is present in the mantle today (Bolfan-Casanova, 2005).
Geophysical effects of mantle water
Water content and mantle viscosity are inversely correlated, hence, an increase
in mantle water tends to decrease viscosity. Interpretation of seismic and
tomographic images is not only a function of temperature, but also depends on
the amount of water in the mantle. Olivine creeps at least 5 times faster under
hydrous conditions (Mei and Kohlstedt, 2000), which can signiﬁcantly increase
mantle viscosity. In hydrated ringwoodite (the high-pressure, isometric
polymorph of olivine inferred to be present in the mantle between 520 and 660
kilometers depth) S-wave velocity increases more drastically than does P-wave
velocity. This property increases the
VP
VS ratio (Jacobsen et al., 2003), meaning
that some mantle ﬂuctuations attributed solely to density contrasts in the
mantle may actually be due at least in part to varying water contents. The
partition coefﬁcient of water in olivine increases by a factor of four at the
spinel-garnet phase transition (Grant et al., 2007).
642.3 Geologic History of West Eifel
The Eifel Volcanic Fields are subdivided into west and east based on locality
and mineralogical differences in ejecta. The Eifel Volcanic Fields (EVF) are
comprised of maars and scoria cones resulting from explosive volcanism.
Volcanism in the Eifel region is composite, consisting of generations of ejecta
that have slightly different eruptive histories throughout the column. Layers
consist of phreatic, pyroclastic and phreatomagmatic deposits are found
around the same volcano. These different deposits reﬂect changes in the
mantle over time (e.g. Wedepohl et al., 1993, Shaw and Eyzaguirre, 2000,
Schmincke, 2007, Witt-Eickschen, 2007).
The East Eifel Volcanic Field (EEVF) is approximately 35 km in length and
spans roughly 400 km2. Activity in the EEVF began circa 460 ka with the
eruption of Kempenich and ended with the eruption of Laacher See circa 12.9
ka (Schmincke, 2006). Roughly 100 volcanoes have been mapped in the EEVF
(Schmincke, 2006).
The West Eifel Volcanic Field (WEVF) is roughly 50 km long striking northeast
to southwest and covering ∼600 km2 and containing ∼240 volcanic vents
(Schmincke, 2007). Volcanic activity in the WEVF began in the northeast
portion of the ﬁeld near the border of Belgium and Germany approximately
700 ka following accelerated uplift in the Rhenish Shield (Schmincke, 2007).
Volcanism increased in intensity with time, peaked around 550 and 450 ka
(Schmincke, 1983), and progressively migrated to the southwest, with the most
recent eruptions in the region occurring at Ulmener Maar circa 11 ka
65(Schmincke, 2007). There are approximately 240 volcanoes recorded to date in
the WEVF (Shaw and Eyzaguirre, 2000, Schmincke, 2007).
The WEVF sits atop a Lower Devonian aged basement comprised of sandstone
and slate (Witt-Eickschen, 2007) in the Rheno-Hercynian Thrust Belt (Ziegler et
al., 2004). Below the EVF lies a seismologically slow region ∼100 km wide,
extending to ∼ 400 km depth that is presumed to indicate the presence of a
mantle plume (e.g. Schmidt and Snow, 2002, Witt-Eickschen, 2007). No magma
chambers have been detected in the area (Schmincke, 2007). The mountains of
the Eifel region were formed during the Variscan orogeny, which took place
between 350-300 Ma (e.g. Ziegler et al., 2004, Schmincke, 2007). The Rhine Rift
Zone began forming in the early Permian, roughly 280 Ma (Ziegler et al, 2004).
WEVF lavas range in composition from nephelenites to bassanites (Schmincke,
1993, Witt-Eickschen, 2007). Thorough petrological, mineralogical and
geochemical work has been conducted on Meerfelder Maar xenoliths (e.g.
Schmidt and Snow, 2002, Witt-Eickschen, 2007, Schmincke, 2007) and
xenocrysts (Shaw and Eyzaguirre, 2000, Shaw et al., 2005), hence these results
will not be discussed in detail herein.
A metasomatic event occurred concurrently with, perhaps triggering, the most
recent volcanism in the Eifel region that ended ∼11 ka (Shaw et al., 2005). The
manifestation of this event varies locally due to the type and porosity of the
lithosphere through which the hydrothermal ﬂuid traveled (Shaw et al., 2005).
Although magma has not erupted from the EVF for ∼11 thousand years,
remnant gasses are still present in the area. Approximately 99% of the gas
66currently emanating from lakes and maars in the Eifel Volcanic Fields is CO2
with the other 1% consisting of mostly He and other inert gasses (Schmincke,
2006). Gaseous H2O is not included in this estimation as the gasses measured
pass through water so the amount of water vapor initially present is
indeterminate.
2.4 Field area: Meerfelder Maar, West Eifel Volcanic Field
Meerfelder Maar is located at 50◦05’42” N latitude, 6◦45’46” E longitude.
Our sample site at is located on the outer shoulder of the cone surrounding the
volcanic vent that is now a lake. The speciﬁc site we sampled is a quarry where
basalt is mined for paving German autobahns. As such, the volcanic strata are
nicely exposed (see Figure 2.1). E1 and E2 were collected in situ from the areas
shown in Figure 2.1.
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Figure 2.1: Meerfelder Maar: Samples E1 and E2 were found in situ at
Layer E
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Figure 2.2: Meerfelder Maar: Sample 41 was found in situ at Layer 41
692.5 Samples
Two of the three samples analyzed via FTIR spectroscopy, E1 and E2, were
chosen from the same unit (see Figure 2.1) due to their differing mineralogical
composition. Sample 41 was found near the top of the quarry (see Figure 2.2)
and was chosen because the crystals therein show a preferred orientation not
present in either sample from layer E. All given mineral percentages in the
following samples are based on visual estimations using percentage charts
from Ig Petro book (Best and Christiansen).
2.5.1 Sample E1
According to the classiﬁcation of Mercier and Nicholas (1975), Sample E1 (see
Figure 2.3) is protogranular and contains ∼55% olivine, ∼40% orthopyroxene
and up to 5% oxides. Olivine crystals are euhedral to subhedral and up to 5
mm in length and contain numerous pockets of trapped ﬂuid. Every olivine
crystal is highly strained, as evidenced by undulatory extinction, deformation
lamellae, occasional twinning and multiple birefringence bands along grain
boundaries. Olivine is fractured with glass predominating along the fractures
and grain boundaries. Orthopyroxene crystals are also euhedral to subhedral
and are up to 1 mm in length. Pyroxenes in Sample E1 contain numerous ﬂuid
inclusions and are also highly strained, showing simple twinning and zoning.
Evidence of recrystallization and multiple birefringence bands are visible along
grain boundaries. Two oxides are present in this sample, one opaque and one
translucent. Basalt glass veins often displaying a dendritic pattern extend up to
7050 mm in length, some cutting through the entire sample. The basalt rind
around sample E1 contains plagioclase crystals up to 0.5 mm in length.
2.5.2 Sample E2
This wehrlite xenolith (see Figure 2.6) is of the mosaic equigranular type as per
the classiﬁcation of Mercier and Nicholas (1975), and contains ∼40%
orthopyroxene, ∼35% olivine, ∼10% clinopyroxene, ∼7% oxides, ∼5% pargasite,
∼3% glass veins and trace amounts of spinel. All olivines and pyroxenes in this
sample contain ﬂuid inclusions. Orthopyroxene crystals up to 2.5 mm in length
are euhedral to subhedral. Due to the numerous veins cutting the sample, the
orthopyroxenes are fractured and contain ﬂuid inclusions. Many are zoned
and nearly all of them show reaction rims that are likely comprised of
amphibole. Clinopyroxene crystals are subhedral to anhedral and range in size
up to 1.5 mm in length. Some clinopyroxene crystals have exsolution lamellae.
Euhedral to subhedral olivines are up to 3 mm long, showing deformation
lamellae and undulose extinction indicative of intense shearing. Some
clinopyroxenes display simple twinning and are fractured, as are all minerals
in this sample. Pargasite in the WEVF is unique to Meerfelder and Br¨ uck.
Oxides in sample E2 are opaque and can be up to 1 mm in length. Basalt glass
veins are predominant in this sample, often displaying a dendritic pattern, and
while none of them speciﬁcally cuts across the entire sample, they are
pervasive and up to 5 mm long. Veins of basalt that cut through this sample are
up to 18 mm wide. Spinel crystals up to 0.25 mm are found within basalt glass
71veins and reaction rims around orthopyroxene crystals. The basalt rind
contains plagioclase up to 3 mm long and olivine crystals up to 1 mm in length.
2.5.3 Sample 41
Sample 41 (see Figure 2.10) falls under the classiﬁcation tabular equigranular
according to the classiﬁcation scheme of Mercier and Nicholas (1975), and
contains ∼55% olivine, ∼40% orthopyroxene, ∼3% oxides and ∼2%
clinopyroxene, all of which are elongated in a preferred orientation. Basalt
glass is found along the grain boundaries between minerals. Olivine shows
deformation lamellae as well as strain bands, and contains discrete numerous
ﬂuid inclusions. Olivine crystal edges are euhedral to subhedral with olivine
grains ranging up to 3 mm in length. Some percentage of olivine crystals are
fractured to varying degrees and contain fewer inclusions than the two
previously described samples. Orthopyroxenes in this sample are subhedral
and can be up to 3 mm in length. Most orthopyroxenes contain inclusions.
Anhedral oxides are opaque and elongated similarly to the rest of the minerals
in this sample. The small percentage of clinopyroxene in this sample is found
both as anhedral crystals up to 0.8 mm long and as exsolution lamellae in
orthopyroxene. The basalt rind on Sample 41 contains olivine up to 4 mm in
length and plagioclase crystals up to 0.8 mm long.
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Figure 2.3: Sample E1
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Figure 2.4: Sample E1: Olivine, point 3
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Figure 2.5: Sample E1: Orthopyroxene, point 7
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Figure 2.6: Sample E2
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Figure 2.7: Sample E2: Clinopyroxene, point 57
77Figure 2.8: Sample E2: Olivine, point 59
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Figure 2.9: Sample E2: Pargasite, point 60
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Figure 2.10: Sample 41
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Figure 2.11: Sample 41: Orthopyroxene, point 62
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Figure 2.12: Sample 41: Clinopyroxene, point 64
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Figure 2.13: Sample 41: Olivine, point 65
832.6 Methods
2.6.1 Equipment Used
Analyses were conducted using a liquid nitrogen-cooled Bruker Vertex 70 FTIR
spectrometer attached to a Hyperion 3000 microscope in the lab of Sheila
Seaman at UMass Amherst. OPUS version 6.5 software was used to generate
graphs and calculate integrals under peaks. Thin sections thicknesses were
measured using a digital caliper.
2.6.2 Sample Preparation
Xenoliths were cut down into billets, which were then made into doubly
polished thin sections to be used with the FTIR Spectrometer. Samples used are
doubly polished thin sections without a glass slide backing and as such are
very fragile. Thin sections are sandwiched between two glass slides with
circular holes cut out in the middle to ensure that the IR beam passes through
only the sample and the surrounding air. E1 is 148 µm thick, E2 is 123 µm thick
and 41 is 171 µm thick. Sample thicknesses were measured with a digital
caliper.
Glass slides with holes cut into the centers were used to hold the sample in
place so that the beam of infrared radiation would pass through only the
sample and a small volume of air surrounding the sample. Because of the high
precision of the spectrometer, air through which the beam passes is recorded as
84part of the sample. Air surrounding our samples were partially cleansed with
N2 to minimize air contamination. There is however a space of ∼3 cm of air
through which the beam must travel (see Figure C.1). A background reading of
air is measured and recorded ﬁrst, then the sample is inserted and the
difference between the two measurements is recorded and then OPUS
generates a graph of the point sampled. This graph is the difference between
the air with and without the sample present.
2.6.3 Measurements
To determine whether water detected in the sample is bound in the mineral
structure or present as intermolecular water in the mineral, two scans of the
same point were taken, with the slide reoriented to be 90◦ for the second scan.
If the shape of the water peaks varies as sample orientation is changed and if
the ppm water is also different, the water present in the sample is presumed to
be bound in the structure of the mineral.
Once a graph is produced, the peaks are analyzed for species of interest. The
area under each respective curve is integrated. Molecular concentrations may
then be calculated via the Beer-Lambert Law in the form,
c =
1.8A
εlρ
where,
c = concentration of H2O (in weight percent),
A = integrated area under the peak (as calculated by OPUS software),
ε = molar absorptivity (from Bell et al., 1995),
85l = slide thickness (measured with digital caliper)
and
ρ = mineral density.
Application of the Beer-Lambert Law yields weight percent H2O in one
crystallographic direction. Values given here are reported in ppm and
represent the sum of water in all three crystallographic directions. For points at
which two perpendicular measurements were taken, the reported value of
water in three crystallographic directions is the sum of the two directions plus
the average of those two values added together. Molar absorptivity coefﬁcients
are from experimental work conducted by Bell et al., (1995).
Two perpendicular scans were taken at many points within each sample. If the
two scans are signiﬁcantly different, the water in the samples is considered to
be structurally bound within the mineral. I used the difference in measured
water content between the two perpendicular directions to determine the
variation in water content between the two measurements. The difference
between the two directions is signiﬁcant enough to consider the water to be
bound within the crystal lattice and hence primary in origin.
2.6.4 Sample Analysis
Data gathered from spectra are viewed in OPUS, a software package for use
with the Bruker Vertex 70 spectrometer. OPUS gives values for the area under
each respective curve according user-deﬁned limits of integration relative to
the water peak of interest. The area given by OPUS represents the variable A in
86this form of the Beer-Lambert Law. Results from OPUS were analyzed using
Microsoft Excel software.
To determine whether water detected in the sample is bound in the mineral
structure or present as intermolecular water in the mineral, two scans of the
same point were taken, with the slide reoriented to be 90◦ from its original
position for the second scan. If the shape of the water peaks varies as sample
orientation is changed and if the ppm water is also different, the water present
in the sample is presumed to be bound in the structure of the mineral.
2.6.5 Error Analysis
Error in this study is primarily from three different sources. Variations in
thickness across the slide are arguably more signiﬁcant for these purposes than
such slight ﬂuctuations would otherwise be because slide thickness is a
variable used in the Beer-Lambert Law. In an effort to gain a range of values
for each slide considered, each slide was measured at a minimum of three
points across the surface. The values used in the calculation of the
Beer-Lambert Law are averages of the thickness across each thin section.
Crystallographic orientation also contributes to the error in the measurements.
If crystals are not measured along either the a-axis, b-axis or c-axis the water
content recorded will be off by up to 5% (Johnson and Rossman, 2003). This
error is lessened by taking two measurements of the same point with the slide
at 90◦ from its original orientation.
The prevalent inclusions seen in Eifel xenoliths could be a contributing factor
as to why the water contents are near the high end of the worldwide average.
87Given the various sources of error for this study, I used the maximum value of
error reported in literature; 20%.
2.7 Results
2.7.1 Single spectra graphs
FTIR spectroscopy yields graphs of wavenumber ( 1
cm) vs. percent absorption
(see Appendix B). The location and shape of peaks in the graph represent the
type of bonding present at that particular point in the sample (Matveev et al.,
2005). Our samples contain both molecular and intermolecular water however
intermolecular water is likely the result of secondary processes and is
disregarded in this study as in others (e.g. Bell et al., 1995 Grant et al., 2007).
The focus of this study is water concentration between 3750 and 3250
1
cm, as this
portion of the graph represents water bound within the crystal structure.
Olivine in sampled Meerfelder Maar xenoliths displays the strongest water
peaks ∼3575 1
cm, ∼3350 1
cm and ∼3325 1
cm, orthopyroxene has the most prominent
peaks ∼3550
1
cm and clinopyroxene shows the strongest peaks at ∼3650
1
cm (see
Figures a-x).
88Table 2.1: Water content of Meerfelder Maar xenoliths
Sample ol ave opx ave cpx ave pargasite total in sample
E1 92 ppm 104 ppm NA NA 168 ppm
E2 16 ppm 103 ppm 569 ppm TBA 994 ppm
41 39 ppm 104 ppm 485 ppm NA 376 ppm
Table 2.2: Average ppm water per mineral found in this study vs. world-
wide averages found by Grant et al., 2007
Study ol opx cpx
Average Meerfelder Maar 57 ppm 104 ppm 527 ppm
Grant et al., 2007 3-54 ppm 169-201 ppm 342-431
Olivine
Olivine from mantle xenoliths typically contains 3-54 ppm water (Grant et al.,
2007). Eifel samples studied show a wide range of water concentrations, with
the average values tending toward the high end of typical of mantle olivines in
the OH− stretching region. The water in our olivine samples is located in the
OH− stretching region of the spectrum and can represent symmetric or
asymmetric stretching of the molecule (see Figure 2.4).
There is an average 26% difference between two graphs of the same point
taken at 90◦ to each other, so water present in our olivine samples can be
considered bound in the mineral structure.
Olivine spectra all showed peaks between 3375
1
cm and 3300
1
cm. ∼80% of the
samples showed peaks between 3650 1
cm and 3500 1
cm.
89Orthopyroxene
Orthopyroxene shows only an average 5% difference in the water content
between the graphs of the same point at 90◦ from each other. This could
indicate weakly bonded water and/or could be a sign of alteration.
Orthopyroxene shows less activity in the OH− stretching bands of the
spectrum relative to other mantle xenoliths.
Orthopyroxene was analyzed between 3650 1
cm and 3100 1
cm. All samples have a
prominent peak around 3600
1
cm and a less pronounced peak around
35253600 1
cm.
Clinopyroxene
There is an average of a 10% difference in water concentrations reported by
perpendicular measurements of the same point, hence, the water in
clinopyroxene can be presumed to be bound in the mineral structure.
Clinopyroxene has water in the OH− stretching that is at the high end of other
xenoliths studied worldwide.
Clinopyroxene was analyzed between 3750
1
cm and 3250
1
cm. The most prominent
clinopyroxene peaks are around 3750 1
cm and 3450 1
cm. Some samples also show a
weaker peak around 3540 1
cm.
902.7.2 Water concentration maps
Water concentration maps show clearly where water resides in the minerals.
Figure 2.3 displays the grain boundary between an olivine and an
orthopyroxene crystal. Rather than showing a gradual change in water content
along the grain boundary, this map indicates that water partitioning is highly
dependent upon the mineral. It is clear from the map that regardless of how
much water is in the vicinity, relatively little will go into olivine.
2.7.3 Diffusion proﬁles
I measured diffusion proﬁles across orthopyroxene and olivine crystals in slide
41. Slide 41 has fewer inclusions than the other samples and the relatively large
crystal size of the minerals in the sample made slide 41 the best choice of the
three upon which to perform diffusion proﬁles.
2.8 Discussion
The high values of molecular H2O and OH− in orthopyroxenes and
clinopyroxenes respectively in this study coupled with the low percent
difference in water content at 90◦ implies that these xenoliths have been altered
either during their ascent or since breaching the surface. This alteration is most
likely due to one of three metasomatic events (e.g. Downes et al., 2001, Shaw et
91al., 2004). The high water content of olivine and orthopyroxene can also
perhaps be attributed to the predominance of ﬂuid inclusions in these samples.
Our xenoliths have more water in the sharp OH− stretching band relative to
other xenoliths worldwide (Grant et al., 2007). The samples studied contain
numerous ﬂuid inclusions which is likely the reason for this discrepancy. Three
metasomatic events occurred in the Eifel region (e.g. Downes, 2001, Shaw et
al., 2005), any or all of which could have contributed to the profusion of ﬂuid
inclusions seen in our samples.
While there is negligible difference in diffusion proﬁles across the olivines and
orthopyroxene samples examined, this difference in water content across the
crystal could have been overprinted by volatiles in the eruption and any site
that at these new reduced pressures was capable of assimilating molecular H2O
and OH− could have been ﬁlled by gasses from the phreatomagmatic eruption.
Water contents of xenoliths vary according to the area of the mantle in which
they equilibrated (Grant et al., 2007). The lower water content of olivine in
Sample E2 relative to the water in olivine of the other samples studied could
indicate that Sample E2 originated from a greater depth than other xenoliths
considered or could indicate that the minerals therein are not in equilibrium.
92olivine
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Figure 2.14: Water concentration map of area 16, slide E1
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Figure 2.15: Diffusion proﬁle of slide 41, opx points 4 41.15-4 41.21
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Figure 2.16: Photograph of slide 41, opx points 4 41.15-4 41.21
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Figure 2.17: Diffusion proﬁle of slide 41, opx points 4 41.22-4 41.26
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Figure 2.18: Photograph of slide 41, opx points 4 41.22-4 41.26
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Figure 2.19: Diffusion proﬁle of slide 41, ol points 4 41.8-4 41.11
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Figure 2.20: Photograph of slide 41, ol points 4 41.8-4 41.11
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Figure 2.21: Diffusion proﬁle of slide 41, ol points 4 41.27-4 41.31
100Figure 2.22: Photograph of slide 41, ol points 4 41.27-4 41.31
101APPENDIX A
MATHEMATICS OF THERMAL MODEL
The following explanation of the mathematics underlying the code used to
generate the geotherms presented in Chapter One are based on work done by
Depine et al., 2007. Please see the appendix to Depine et al., 2007 for more
thorough derivations.
A.0.1 Variables
The table below lists the variables from both the calculations required to derive
the speciﬁc equations used in our thermal model as well as those used to
generate the code.
Table A.1: Variables used in geotherm model
Variable Value Units
κ (thermal conductivity) 2.1-2.8 mW/m◦C
ρ (density) 3000 kg/m3
Cp (speciﬁc heat) 1170 J/kg◦C
Moho depth 53 and 40 km
Ts (surface temperature) 0 ◦C
Tm (mantle temperature) 1125-1600 ◦C
∆t (unit time) 0.5 unitless (see derivation)
∆y (depth increment) 1 km
102A.0.2 Equations
Beginning with the time dependent heat ﬂux equation from Turcotte and
Schubert, (4-67),
ρCp
∂T
∂t = κ(
∂2T
∂y2) + ρH(y),
change the vectors y and t to dimensionless units where,
t = (
ρCpL2
κ )t
y = Ly where, L = 1 km.
Applying the appropriate substitutions and algebraic reduction yields the
equation,
∂T
∂t = ∂2T
∂y2 + H(Ly)
ρL2
κ .
The term ∂T
∂t can be approximated using a Taylor Series expansion as,
∂T
∂t ≈
Tij+1−Tij
∆t ,
and the term ∂2T
∂y2 can be similarly approximated as,
∂2T
∂y2 ≈
Ti+1,j−2Tij+Ti−1,j
∆y where, j = 0,1,2,3... (time increment),
i = 1,2,3,4... (depth increment),
t = j∆t,
and
y = i∆y.
Multiplying the above by ∆t after applying substitutions and reducing the
equation algebraically yields the equation,
−βTi+1,j+1 + (1 + 2β)Ti,j+1 − βTi−1,j+1 = βTi+1,j + (1 − 2β)Ti,j + βTi−1,j + ∆tH(y) κ
ρL2,
where,
β = ∆t
2∆y2.
This equation can now be solved using properties of matrix multiplication that
state,
103A = vB
where for this model,
A(j + 1) = [−β;1 + 2β;−β] (tridiagonal matrix),
B(j) = [β;1 − 2β;β] (tridiagonal matrix),
and
v = T(j).
The heat production term (H◦) is based on the concentration and rate of
radioactive decay of heat-producing crustal elements and is deﬁned as,
H◦ = x(0.9928  CU   HU238   e
t log(2)
TU238 + 0.0071CU   HU235   e
t log(2)
TU235 +CTh   HTh   e
t log(2)
TTh +
1.19   10−4CK   HK   e
t log(2)
TK ),
where,
x = a scalar by which the entire heat production term is multiplied to
approximate values in the area considered
t = time
CU = 1.42   10−6 (average crustal concentration of U235+U238 in
kgUtotal
kg )
HU235 = 5.69   10−4 (rate of heat release of U235)
HU238 = 9.46   10−5 (rate of heat release of U238)
TU235 = 7.04   108 (half life of U235 in years)
TU238 = 4.47   109 (half life of U238 in years)
CTh = 5.6   10−6 (average crustal concentration of Th in
kgTh
kg )
HTh = 2.64   10−5 (rate of heat release of Th)
TTh = 1.40   1010 (half life of Th in years)
CK = 1.43   10−2 (average crustal concentration of K in
kgK
kg )
HK = 2.92   10−5 (rate of heat release of K)
TK = 1.25   109 (half life of K in years)
104APPENDIX B
GEOTHERMOBAROMETRY
Geothermobarometry uses xenolith mineral assemblages to estimate the
equilibrium conditions of minerals in a rock. This technique works because,
ideally, elements partition differently in solid-solutions between two coexisting
minerals as a function of pressure (P), temperature (T) and, the amount of a
component b present in the phase a, (Xa
b). The basic idea is to combine a
solid-solution exchange reaction that is highly sensitive to temperature with a
different reaction that is more sensitive to pressure, and use the pair of
exchange reactions as a natural geothermobarometer. Various experimental
techniques have been employed in the ﬁeld of geothermobarometry, and each
method is based on certain assumptions, therefore, a particular thermometer or
barometer may apply well to one set of rocks and yield unreasonable results
when applied to rocks from another geologic setting.
105Table B.1: Table of thermodynamic variables
Symbol Meaning
∆ Change
V Volume
CP Heat capacity/speciﬁc heat at constant pressure
H Enthalpy (energy consumed or generated during a reaction)
∆H Enthalpy change, constant pressure ∆H =
R T2
T1 CPdT
∆H Enthalpy change, constant temperature ∆H =
R P2
P1 V(1 − αT)dP
S Entropy (measure of disorder of a system)
G Gibb’s Free Energy (energy available to do non P-V work)
Xa
b Amount of component b contained within component a
R The Gas Constant = 8.314( J
K mol) or 8.314(m3 Pa
K mol)
K The equilibrium constant
α = 1
V(∂V
∂T) Coefﬁcient of thermal expansion
β = −
1
V(
∂V
∂P) Compressibility
KT = 1
β Isothermal bulk modulus
106Geothermobarometry uses experimentally-based determinations of the P-T
conditions under which minerals are stable to determine at what P-T
conditions a rock last equilibrated. On a graph in P-T space, some equilibrium
boundaries are more pressure-dependent than temperature-dependent and
other equilibrium boundaries are more temperature dependent. The
intersection points of a geothermometer with a geobarometer in P-T space on a
graph with a unique line for each change in X will ideally yield a curve that
approximates the P-T path the system takes according to the appropriate
boundary conditions.
The variables used in geothermobarometry are listed above (see Table A.1).
Heat (Q) and work (U) are equivalent according to the ﬁrst law of
thermodynamics (White, 2007). Volume (V) is the amount of space a
component occupies in a given phase. Heat capacity (CP) represents the
amount of heat required to raise the temperature of a discrete amount of a
substance by a speciﬁc temperature.
The variable S represents the property entropy. Entropy is a measure of the
disorder of or the the internal distribution of energy in a system. The second
law of thermodynamics states that every closed system will evolve toward a
state of maximum probability (e.g. White 2007. At equilibrium the internal
energy of a system is evenly distributed among all available states.
H is the variable used to represent the property enthalpy. Enthalpy refers to the
amount of heat gained or lost as a system proceeds toward equilibrium.
Because enthalpy is path independent (will always yield the same net result
regardless of how and when the changes to the system occur), the pressure and
107temperature components of ∆H can be analyzed independently. Isothermal
enthalpy change refers to change that occurs at constant temperature. Isobaric
enthalpy change occurs under constant pressure. The isobaric change in
enthalpy is the integral with respect to temperature between T2 and T1 of the
heat capacity of a substance.
∆H =
R T2
T1 CPdT
Isothermal enthalpy is the integral with respect to pressure between P2 and P1
of the volume multiplied by a number dependent on the the coefﬁcient of
thermal expansion and temperature.
∆H =
R P2
P1 V(1 − αT)dP
G represents Gibbs Free Energy. The Gibbs Free Energy of a system is the
amount of energy available to do non-P-V work. At equilibrium the Gibbs Free
Energy of a system is zero, there is no energy available for chemical reactions.
The isothermal change in Gibbs Free Energy is the change in enthalpy minus
the temperature multiplied by the change in entropy.
∆G = ∆H − T∆S (for constant temperature)
Gibbs Free Energy is important because ∆G must be zero at equilibrium. It
follows that,
0 = ∆G = ∆H − T∆S, therefore
dT
dP = ∆V
∆S .
dT
dP =
∆V
∆S is the Claussius-Clapeyron Equation and its slope in P − T space
represents a phase boundary. Gibbs Free Energy is also important in
geothermobarometry because the chemical potential (µi) of a system is deﬁned
as the partial derivative of Gibbs Free Energy per mol of a substance.
µi = (∂G
∂ni)P,T,nj, where
108i and j are components, and
i , j
Assuming that the minerals in a sample are in thermodynamic equilibrium,
exchange reaction thermometers, net-transfer reaction barometers or solvus
thermometers can be written in terms of thermodynamics to describe
equilibrium boundaries in P,T and X space (White, 2007).
Exchange reactions can be written for either mineral pairs within a rock
(intercrystalline exchange) or element pairs within a mineral (intracrystalline
exchange). Exchange reactions lend themselves to geothermometry as the ∆V
of the reaction is typically small which means that the reactions are not
particularly sensitive to pressure. Intracrystalline exchange reactions are ideal
for determining xenolith equilibrium temperature because lower lithosphere
and mantle xenoliths contain a speciﬁc mineral assemblage into which a
limited set of elements will partition as a function of predominantly
temperature.
Net-transfer reactions make useful barometers when applied to mineral pairs
that exhibit solid solution. Net-transfer reactions assume the reactions have
gone to completion and the composition seen represents the pure endmember
composition.
Solvus geothermometers use the presence of a miscibility gap and varying
compositions of a mineral with multiple endmembers to determine
temperature of a mineral assemblage.
Spinel (Mg, Fe)2 AlO4 on the other hand has a greater attraction for Fe than
Mg. This means that if a spinel and adjacent olivines are in equilibrium, the
109spinel will have an Mg/(Mg+Fe) ratio (Mg number) less than that of the
neighboring olivine. In peridotites, the Mg number of spinel typically ranges
from ∼0.79-∼0.84 (Grant et al., 2007) while the Mg number of olivines and
orthopyroxene in the upper mantle is ∼0.90 (White, 2007).
Element partitioning in mantle minerals is largely a function of temperature
and/or pressure. Higher pressure causes mineral sites to shrink, which in turn
causes those sites to favor smaller atoms over larger ones they would
otherwise favor at lower pressures (e.g. Della Ventura, 2007, White, 2007). If
the relative partitioning of elements between a mineral pair is a strong function
of temperature, then measuring the relative element concentrations in each
mineral can be a means to determine the temperature of the system at its last
equilibrium temperature and can ideally be used as a geothermometer. This
temperature estimation assumes that the minerals considered were rapidly
quenched so that the element partitioning reﬂects the conditions at the high
temperature equilibrium prior to eruption. Likewise, if the element
partitioning is highly pressure dependent the mineral in question can be used
as a geobarometer.
There are some signiﬁcant sources of error in experimental and natural system
geothermometry techniques. The exchange reaction calculator needs to be
calibrated appropriately to the pressure and temperature range considered.
Any extrapolation is typically a source of poorly-constrained error. Some other
sources of error in geothermobarometry calculations are listed below.
1) Inaccurate assumptions and/or calibration of the exchange thermometer or
solvus reaction will lead to errors (Spear, page 537).
1102) Estimations of ∆V will have inherent errors (Spear, page 537).
3) Calibration, standards and general errors with microprobe analysis are
sources of errors (Spear, page 537).
4) All chemical reactions are dependent upon both pressure and temperature.
While the temperature dependence of geobarometers is small and the pressure
dependence of geothermometers is also small, there is still error associated
with assuming that there is no temperature dependence in a geobarometer and
no pressure dependence in a geothermometer (Spear, page 537). In principle
(but often not in practice), this should be correctable by simultaneously
considering a pair of reactions or looking for the intersection point of three or
more exchange reactions as a combined geothermobarometer.
5) Transition elements such as Fe can occupy different sites according to
oxidation state. Assuming that a transition element will always occupy a given
site without regard to what speciﬁc oxidation state is present can subsequently
lead to inaccurate pressure and temperature values (Carswell, 1999).
6) Geothermobarometry is based on the assumptions that the minerals present
in the rock are in thermodynamic equilibrium and that any cations partition
predictably between pairs of sites (equipartition). Equipartitioning is incorrect
in that there is a large component of non-ideal mixing in natural systems that is
not accounted for when assuming that a particular element will behave the
same relative to the speciﬁc mineral sites without considering oxidation state as
well as the pressure and temperature of formation (Holland and Powell, 2006).
7) Confusion pertaining to calibration of pressure and temperature values from
xenoliths arises due to limitations with experimental data and the necessity to
111extrapolate thermodynamic properties inherent to one set of conditions to
other conditions that are not necessarily correlated linearly. For example, the
unit cell of enstatite decreases in volume with increasing amounts of Al2O3 in
solid solution, implying that the equilibrium boundary between aluminous
and non-aluminous enstatite should be curved rather than linear. Experiments
however yield a linear trend for this boundary (Macgregor, 1974).
8) There are also practical limitations as to how many components can be
included in experiments. Natural systems contain elements whose afﬁnities for
certain minerals vary over the range of pressure and temperature conditions to
which they are subjected. An element that has a certain partition coefﬁcient
under one set of pressure and temperature conditions can react differently
enough under alternate pressure and temperature conditions to signiﬁcantly
affect what minerals form (e.g. Bucher and Frey, 2002).
Aluminum will preferentially migrate from garnet into both clinopyroxene and
orthopyroxene with increasing pressure at constant temperature. Ultramaﬁc
diopside from mantle xenoliths tends to contain 10-20 mole percent jadeite
(NaAlSi2O6). The presence of Na in the system complicates matters because Al
will partition into different sites according to the composition of the system. If
signiﬁcant Na is present, the mineral jadeite will form and any Al present will
go into site M1 in jadeite rather than evenly distribute itself into M1 and M2 as
assumed according to the tschermak equation (Holland and Powell, 2006).
Furthermore; garnet is more stable in the presence of enstatite when the
enstatite contains Ca and/or Fe. Pressure and temperature estimations will be
inaccurate if the relative proportions of Ca and Fe are not accurately measured
and accounted for.
112APPENDIX C
FTIR SPECTROSCOPY TECHNIQUES EXPLAINED
FTIR is an acronym for Fourier Transform InfraRed Spectroscopy. A Fourier
Transform is a mathematical function that converts information from phase
space to frequency space or vice versa (Penney and Edwards, 2003). FTIR
spectroscopy exploits the property of waves that states that if two waves are
coherent (the same) and out-of-phase by a known amount, the phase difference
between the two waves will yield meaningful information about the medium
through which the wave has traveled (e.g. Bell and Rossman, 1992, Bell et al.,
1995, Hauri et al., 2006, Seaman et al., 2006). Data are recorded in phase space,
a Fourier Transform is conducted on the data, and the ﬁnal output is a graph in
terms of frequency space, with amplitude on the y-axis and wavenumber ( 1
cm)
on the x-axis.
The process of measuring a sample begins in a sealed housing wherein a
source beam of infrared radiation is generated by a ceramic heat source. The
temperature of the heat source does not greatly exceed ∼1000◦C because at
temperatures ∼1600◦ there is a risk of contamination by nitrogen oxides. The
reaction N2 + 2O2 ←→ 2NO2 ←→ 2NO + O2 favors the reactants at STP and the
products at temperatures ∼1600◦C (White, 2007). N2 is invisible to IR radiation
while the NO molecule is visible by IR radiation and can interfere with
measurements (Xu et al., 2001). Furthermore, nitrogen oxides can physically
damage sensitive parts of the machinery within the sealed housing containing
the heat source (Xu et al., 2001).
113The beam of infrared radiation generated in the sealed housing is sent ﬁrst
through the sample, then on to an interferometer within which it is split into
two rays by a half-silvered mirror (see Figure C.2). Each of the two beams is
bounced off a stationary mirror. The two mirrors are different distances from
the origin therefore each beam travels a different path length. After hitting the
mirrors, the two beams are reﬂected back to the half-slivered mirror and
recombined. The recombined IR beam is now comprised of two coherent
beams with a known phase difference. This IR beam consisting of two coherent
waves recombined into one out-of-phase ray next travels to the detector.
It is in the detector that the IR beam gets measured in terms of phase space.
These data are recorded and sent to the computer. The computer performs a
Fourier Transform function on the data and produces a graph in terms of
frequency space. The ﬁnal graph of the sample material is a graph of the
difference between the background and the sample. Any changes in the air
between the time the background measurement is taken and the time the
sample is taken will be recorded in the ﬁnal graph of the sample. This
extraneous air can be partially accounted for by ﬂushing the area around the
sample with N2 gas. However, because the ﬂushed housing must be opened to
insert the sample after the background measurement is taken, there is little
more that can be done to remove this source of error under typical conditions
(see Figure C.1).
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Figure C.1: Bruker Vertex 70 FTIR spectrometer with Hyperion 3000 mi-
croscope
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Figure C.2: Simpliﬁed schematic of IR beam ray-path from source to de-
tector (not to scale)
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